Abstract It is difficult to untangle the mixed influences of high-and low-latitude climate forcing in the eastern equatorial Pacific (EEP We suggest that decreased density gradients during the deglaciation accelerated vertical mixing across the EEP, and potentially the entire South Pacific subtropical gyre, which enhanced CO 2 delivery from depth to the surface ocean and atmosphere.
Introduction
The last deglaciation represents Earth's most recent natural experiment in rapid global climate change [e.g., Denton et al., 2010] . Beginning at 18 ka, a relatively minor change in the amount of incoming solar radiation to the high northern latitudes triggered a series of climate feedbacks (such as ice albedo and CO 2 ) that amplified and distributed high-latitude temperature anomalies through the climate system, resulting in a 4°C rise in global mean surface temperatures, large-scale changes in global patterns of ocean circulation, and a two-step rise in atmospheric CO 2 [Imbrie et al., 1993; McManus et al., 2004; Denton et al., 2010; Jouzel et al., 2007; Lourantou et al., 2010; Shakun et al., 2012; Marcott et al., 2014] . Ice cores recovered from Greenland and Antarctica provide well-constrained records of the timing and nature of these transitions [Grootes et al., 1993; Jouzel et al., 2007; Lourantou et al., 2010; Marcott et al., 2014] ; however, we still have few constraints on how high-latitude change propagated spatially over time. One key unknown is how and to what extent high-latitude forcing influenced low-latitude climate, particularly in regions where surface and shallow subsurface properties have strong links to global climate, such as the equatorial Pacific [Clement and Cane, 1999; Rosenthal et al., 2003] .
Dynamical shifts in the behavior of the eastern equatorial Pacific (EEP) amplify changes to the global climate system through their control on heat and carbon exchange with the atmosphere. Upwelling from beneath a strong shallow thermocline regulates the exchange of cool, nutrient-rich intermediate waters with the surface ocean, exerting a first-order control on the regional air-sea CO 2 flux as well as the efficiency of [Liu and Philander, 1995; Gu and Philander, 1997; Lu et al., 1998 ] and even higher latitudes via intermediate waters [Toggweiler et al., 1991; Andreasen et al., 2001] may play an essential role in setting the background stratification state of the EEP.
Both high-and low-latitude climate forcings are important to EEP dynamics, which makes the relative role of tropical versus high-latitude influences and high-latitude Southern versus high-latitude Northern Hemisphere influences difficult to parse during the last deglaciation. On short timescales, locally forced ocean-atmosphere interactions regulate the strength and direction of the prevailing winds and, in turn, patterns of upwelling in the region. There is a strong seasonal cycle in the EEP, and the El Niño Southern Oscillation represents the primary source of interannual variability [Philander, 1985; Clement and Cane, 1999; Lavín et al., 2006] . On centennial to millennial timescales, however, remotely forced mechanisms may overwhelm locally driven variability. These mechanisms include (1) changing interhemispheric temperature gradients that are capable of driving long-lived N-S shifts in the mean position of the easterlies and thus the zones of upwelling within the EEP via shifts in the Hadley circulation (i.e., the atmospheric bridge) [Pahnke et al., 2007; Koutavas and Sachs, 2008] and (2) changes in the transport and/or physiochemical properties of subsurface waters via oceanic tunnels [Liu and Yang, 2003] . The efficiency and relative importance of these two pathways are currently not well-constrained.
Using a suite of well-dated sediment cores from three intermediate water depths, we evaluate the response of the EEP upper water column to deglacial climate change to assess the role of the oceanic tunnel in driving oceanographic change in the EEP. Benthic foraminiferal δ
18
O records provide a combined signal of temperature and salinity, and therefore density, at the surface, 370 m, 600 m, and 1000 m water depths in the equatorial cold tongue region throughout the last 25 kyr. An alkenone record estimates sea surface temperature (SST) for the last 25 kyr. Together, these records provide direct evidence for significant changes in EEP intermediate water structure and stratification during the last deglaciation at high temporal resolution with important implications for regional heat and carbon balance. We diagnose high-versus low-latitude-driven change by comparing the timing and relative magnitude of warming across the EEP upper water column; locally forced coupled ocean-atmosphere interactions will produce the largest recorded signal of oceanographic change at the sea surface (i.e., top-down forcing), while remotely forced oceanic mechanisms are observed first and most strongly in the subsurface (i.e., bottom-up forcing). In the EEP, we find the largest and earliest signals of deglacial warming in the subsurface, which provides support for the role of the Southern Ocean in driving deglacial change in the EEP water column from the bottom to the top.
Modern Oceanographic Setting
The EEP is a region of complex currents forced primarily by the local wind field and intermediate water advection [Wyrtki, 1966; Fiedler and Talley, 2006; Kessler, 2006] . The southeast trade winds drive surface currents and Ekman divergence along the equator and the South American coast [Wyrtki, 1966; Kessler, 2006] . Upwelling velocities along the Peru Margin are strongest and maintain the equatorial cold tongue, a region of anomalously cold sea surface temperatures just south of the equator [Kessler, 2006] . In the subsurface, the eastward flowing Equatorial Undercurrent (EUC), centered at~80 m depth, flows from west to east across the Pacific Basin transporting modified Subtropical Mode Water (STMW). Below the EUC lies the thermostad, a region of relatively uniform temperature (11-14°C) between~150 and 300 m depth in the EEP [Tsuchiya, 1981] . More than 80% of the thermostad water is derived from mixing between waters above (STMW) and below the thermostad (Subantarctic Mode Water/Equatorial Pacific Intermediate Water), with horizontal advection contributing much less by volume [Qu et al., 2009] . Some evidence suggests that thermostad waters do reach the surface mixed layer in the EEP [Qu et al., 2009] ; however, the influence of thermostad waters on regional SSTs appears negligible during at least the late Holocene [Kalansky et al., 2015] . Circumpolar current, during late winter convective overturning and travels from the Southern Ocean northwestward to join the New Guinea Coastal Undercurrent, eventually flowing eastward across the equatorial Pacific into the EEP subsurface (Figure 1 ) [McCartney, 1975; Toggweiler et al., 1991; Rintoul and England, 2002; Qu et al., 2009; Bostock et al., 2010 Bostock et al., , 2013 . Today, SAMW temperature and salinity signatures are not observed north of 30°S (Figure 1 ) [Herraiz-Borreguero and Rintoul, 2011] . However, water column radiocarbon (Δ 14 C) data from the Peru margin and neodymium and δ
13
C reconstructions from the EEP suggest that SAMW penetrates to the equator today and has done so for at least the last 30 kyr [Spero and Lea, 2002; Toggweiler et al., 1991; Pena et al., 2013] . These data indicate that sufficiently strong SAMW temperature and/or salinity signals contribute to equatorial subsurface ocean heat content and stratification anomalies [Kalansky et al., 2015] .
EqPIW dominates at intermediate depths in the EEP below~600 m. Although AAIW is the main component of EqPIW, the geochemical signature of EqPIW is clearly distinct from that of AAIW. EqPIW has a higher minimum salinity (34.5-34.6 practical salinity units), higher nutrients, higher silicate, higher dissolved inorganic carbon (DIC), lower oxygen, and an older Δ 14 C signature, which indicate mixing between AAIW and Pacific
Deep Water in the EEP [Bostock et al., 2010 [Bostock et al., , 2013 . Despite this, AAIW is still a major conveyor of heat and salt to the intermediate depth EEP, bringing temperature and salinity signals from the Southern Ocean where the water mass forms in three hot spots: (1) southwest and east of New Zealand, (2) west of the East Pacific Rise, and (3) west of the Drake Passage (Figure 1 ) [Bostock et al., 2013; Herraiz-Borreguero and Rintoul, 2011] . The main AAIW formation region is the southeast Pacific site west of the Drake Passage where the coldest and densest forms of SAMW mix with Antarctic Surface Waters (AASW) south of the subantarctic front ( Figure 1 ) [McCartney, 1975; Sloyan and Rintoul, 2001; Bostock et al., 2010 Bostock et al., , 2013 Hartin et al., 2011] . (Figure 2 ). [Bostock et al., 2013] . SAMW forms along the Subantarctic Front (SAF) south of the Subtropical Convergence (STC). AAIW, SAMW, and small contributions from NPIW contribute to equatorial thermostad waters.
Site Locations

Methods
Age Models
Age models were constructed by applying a polynomial fit to a set of planktonic radiocarbon dates for each core ( Figure 3 ). All accelerator mass spectrometry (AMS) 14 C dates were analyzed at the National Ocean Sciences Accelerator Mass Spectrometry facility at Woods Hole Oceanographic Institute. Each radiocarbon date represents an average of 200-250 individuals, picked from the >150 μm size fraction. The age model for the Galapagos composite (GGC 43 and CDH41) is based on 26 of 33 radiocarbon measurements made on the planktonic foraminifer Globigerinoides ruber. Seven radiocarbon dates were excluded from our calculation of the CDH 41 age model. Two of these dates, at 215.25 and 235.25 cm, were thousands of years too young (Figure 3b ). We applied a polynomial fit to the remaining 14 C dates and calculated the average offset between the predicted age and the 14 C calibrated calendar age at each age control point. Five dates, whose offset from the fit exceeded the average plus the standard deviation of the offsets (>1150 years), were removed from the final the thermocline-dwelling foraminifer, Neogloboquadrina dutertrei. AMS 14 C ages were converted to calendar ages using the calibration curve of Fairbanks et al. [2005] . A constant reservoir age of 500 years is assumed for all measurements. Seven AMS 14 C measurements from CDH 41 were removed from age model calculations (filled circles). C ages were converted to calendar ages using the calibration curve of Fairbanks et al. [2005] . A constant reservoir age of 500 years is assumed for all measurements. Higher-order polynomial fits were tested but only assigned when the R 2 values were statistically different from that of the lower order using an F test.
The age model for CDH 26 was further tuned to a nearby core, CDH 23, using the Match 2.3.1 software package to create a composite and internally consistent chronology for the two cores [Lisiecki and Lisiecki, 2002] . Our match is based on alkenone sea surface temperature and nitrogen isotope records from each core and thus explicitly assumes synchronicity between the two sites. This assumption is reasonable because CDH 23 and CDH 26 are located just 32 km apart. Based on our composite fit, we did not identify any outliers among the CDH 26 AMS 14 C dates and therefore revert to the original polynomial fit for age control.
Our age models indicate higher sedimentation rates along the Peru Margin relative to the Galapagos Platform. The Galapagos cores, GGC 43 and CDH 41, have average sediment accumulation rates of approximately 20 cm/kyr and 14 cm/kyr, respectively, while the Peru Margin cores each have sedimentation rates well over 100 cm/kyr. CDH23, the shallower core from the Peru Margin, exhibits the highest sedimentation rate, approaching 130 cm/kyr, which is presumably due to sediment trapping at shallower depths due to late deglacial and Holocene sea level rise. CDH 26 has a slightly lower average sedimentation rate (~120 cm/kyr) than the shallower core, but its record extends to 25 ka.
Alkenone SST Estimates
A~25 kyr high-resolution alkenone-inferred sea surface temperature record was produced from CDH 26 and CDH 23. Samples were taken every 4 cm from the top 2.5 m of CDH 26 and the top 1.7 m of CDH 23, providing a measurement approximately every 35 years. One to two grams of freeze-dried sediment was extracted in a Dionex 200 Accelerated Solvent Extractor and analyzed on a Gas Chromatograph Flame Ionization Detector, using a modified method of Herbert et al. [1998] . Temperatures were calculated using the U K' 37 index and the calibration of Muller et al. [1998] . Lab analytical error is equivalent to ±0.1°C based on 55 replicate analyses of a laboratory standard. Approximately 10% of our analyzed samples were run in duplicate with an average U K' 37 -based temperature reproducibility of ± 0.05°C.
Benthic Stable Isotope Records
Benthic foraminiferal stable isotope measurements were taken at~350 year time steps in cores CDH 26, CDH 41, and GGC 43. The higher sedimentation rate of CDH 23 allowed higher resolution, with measurements taken approximately every 120 years. Samples were freeze-dried, resoaked in deionized water, and wet sieved through a series of mesh sieves to separate size fractions. Three to four specimens of the benthic foraminifer Uvigerina peregrina were picked from the 212-355 μm size fraction for all cores. Samples were analyzed at Brown University on a Finnigan MAT 252 isotope ratio mass spectrometer with a Kiel III carbonate device. Each sample was measured in duplicate, with an average error between replicates of <0.15‰ for δ 18 O and <0.13‰ for δ 13 C measurements. The δ 18 O and δ 13 C values are expressed relative to the Vienna Pee Dee Belemnite standard. The isotopic time series discussed below reflects the average of the replicates. Two outliers were removed from the CDH 23 time series.
Benthic Temperature Records
Benthic foraminiferal oxygen isotope compositions reflect both seawater δ
18
O (salinity and ice volume) and the ambient temperature of formation, providing a record of seawater density at the depth of recovery [Lynch-Stieglitz et al., 1999a , 1999b . We approximate the temperature component by estimating the δ 18 O sw evolution using modern δ
O sw profiles acquired from bottle samples recovered via Conductivity Temperature and Depth (CTD) casts on station during coring and correcting these values for ice volume using the Barbados sea level record [Peltier and Fairbanks, 2006] . Bottle samples were analyzed for water isotopes at Brown University on a Picarro L1102-i isotopic water liquid analyzer. This treatment of the data explicitly assumes no local hydrologic salinity imprint on the δ 18 O values through time. This is a reasonable interpretation because (1) modern vertical and lateral salinity gradients are much weaker than corresponding temperature gradients (World Ocean Atlas 2013 (WOA13)) and (2) [Mashiotta et al., 1999] . Glacial-interglacial temperature change accounts for 40-60% of the δ
O signal in subantarctic planktonic foraminifera, with the remainder dominated by the global ice volume changes [Mashiotta et al., 1999] . We therefore converted benthic stable isotope values to temperature (°C) using the paleotemperature equation of Bemis et al. [2002] calibrated specifically for Uvigerina spp. in the Santa Barbara Basin. [Shackleton, 1974; Marchitto et al., 2014] but ultimately rejected because calculated temperatures were unrealistically low.
Results
Stable Isotope Records 5.1.1. Oxygen Isotopes
Over the past 25 kyr, benthic foraminiferal δ
18 O values decreased toward the present day at all water depths in the EEP; however, the timing and nature of the transition to interglacial values differs between records ( Figure 4a ). We determine the timing of the transition in each record using the Change-Point Analyzer software package, which uses mean square error estimates and bootstrapping to detect change [Taylor, 2000] .
For each change point, we provide the most likely value as well as the 95% confidence interval. Carbon isotope values at 370, 600, and 1000 m also converge at this time. Carbon isotope minima occur between 12.7-14.2 and 15.6-22 ka. Because Uvigerina peregrina is an infaunal species, the recorded values may in part reflect porewater chemistry and thus the accumulation rate of organic carbon [Zahn et al., 1986] . We therefore interpret these data with caution, noting that the excursions to large negative values likely reflect an influx of 13 C depleted carbon to the EEP subsurface in intermediate water as well as pore water production of light carbon via respiration. The benthic δ 18 O record from 370 m does not extend to the Last Glacial Maximum (LGM) but does cover the late deglacial and Holocene time periods in great detail. As seen at 600 m, centennial-scale variability is observed from 13.9 to 12.3 ka at 370 m. Then, after a rapid 300 year transition to lower values beginning 10.8 ka, δ 18 O values decreased toward the middle Holocene, reaching a minimum at 4.8 ka.
Carbon Isotopes
The carbon isotope records from the Peru Margin show much larger variability over the last glacial-interglacial cycle than the records from the Galapagos platform (Figure 4b ). The Peru Margin cores exhibit an increasing trend toward present day with centennial-scale fluctuations up to 0.72‰ throughout the record. In contrast, the Galapagos cores vary by just 0.35‰ over the entire 25 kyr record. At 1000 m water depth we observe two periods of prolonged δ C values at 370 m are consistently lighter than those observed at 600 and 1000 m, but records from 600 and 1000 m do not follow the expected heavy-light trend from the surface to depth. This is likely related to change in the strength and extent of the Peru Margin oxygen minimum, with the biggest impacts of metabolically derived dissolved inorganic carbon (DIC) felt closest to the Peru Margin.
Temperature Records 5.2.1. Alkenone Sea Surface Temperatures
Our alkenone SST record from the Peru Margin exhibits a 3.3°C increase over the last 25 kyr ( Figure 5 ). Our age models indicate that the cores used in this study do not contain modern sediments. However, the core top temperature of CDH 23 is within 0.7°C of the shipboard measurement at the coring location and mean annual SST for the closest World Ocean Atlas 2013 0.25 degree grid box (WOA13). Additionally, a recent synthesis demonstrates that U K' 37 -estimated SST from the region are within 0.42-1.77°C of mean annual SST [Kienast et al., 2012] . Although many of the alkenone-inferred temperatures are biased toward overestimating observed temperatures in the near-coastal Peru upwelling zone, this bias may be due to large spatial interpolation of limited SST measurements. This is particularly problematic in the complex and spatially heterogeneous nearcoastal region examined here. We therefore consider the bias at our sites negligible [Kienast et al., 2012] .
The timing of SST change across the termination is broadly similar to that suggested by Koutavas and Sachs [2008] , but the higher resolution of our record provides a new look at the fine-scale structure of the SST evolution across the termination and Holocene. Cool temperatures reconstructed at the last glacial maximum evolved to reach the lowest observed temperature of the entire 25 kyr record, 19.4 ± 0.1°C, about 14.7 ka (14.5-14.9 ka, p < 0.05). This temperature decrease is followed by a rapid rise through the late Holocene, peaking to 23.5°C at 6 ka before decreasing again toward present day. This alkenone SST record, and those produced by Koutavas and Sachs [2008] , differ from EEP Mg/Ca SST records, which instead suggest an early SST warming beginning at least 18 ka [Lea et al., 2000; Pena et al., 2008] .
Benthic Temperatures
The reconstructed temperature evolution in the EEP subsurface over the past 25 kyr varies significantly with depth ( Figure 5 ). Temperatures at 1000 m and 600 m increased by~3°C and 1°C across the termination, respectively. At 1000 m, temperatures were stable at~2°C through the glacial but began to increase at 17.9 ka (17.8-18.6, p < 0.05) by as much as 1°C/kyr. After a brief period of cooling (13-15 ka), warming continued until reaching a maximum temperature (6.7°C) at approximately 11.8 ka. A mid-Holocene maximum occurred at 7.4 ka and is followed by a cooling trend toward present day. The temperature history at 600 m water depth is characterized by centennial-scale temperature swings up to 2.7°C during the late deglacial (12-14 ka). Relative to temperatures at 1000 m, we do not observe significant warming during the deglaciation.
The thermal evolution at the shallowest core site (370 m) along the Peru Margin reveals a similar temperature trend to that seen at 600 m water depth. However, since the 370 m record is truncated at 14.1 ka, we cannot assess the glacial-interglacial temperature change at this site. Instead, we observe a period of highly variable temperature from 12 to 14 ka, with centennial-scale temperature fluctuations up to 2.6 ± 0.5°C, analogous to Paleoceanography 10.1002/2015PA002816 that seen at 600 m. We also note a near-zero offset between temperatures at 600 and 370 m from 14 to 11 ka when a rapid transition at 370 m shifts temperatures to the warmest recorded throughout the record. After, temperatures decreased gradually toward the modern day at an average rate of 0.14°C/kyr. Timing of the initial response to deglacial warming is depth dependent in the EEP upper water column (surface to 1000 m), with subsurface mode and intermediate waters responding thousands of years before the surface ocean. Our deepest site at 1000 m water depth, within the heart of EqPIW, responded first at 17.6 ka (17.6-17.8 ka, p < 0.05), synchronously (within the limitations of radiocarbon dating) with rising temperatures over Antarctica. Timing of the initial δ
18
O decrease at 600 m water depth, within SAMW, is more uncertain due to high variability in δ
18 O values across the transition and a less well-constrained age-depth model. However, the best estimate for the timing of the transition is 16.6 ka (16.4-17 ka, p < 0.05), approximately 1 kyr later than the record at 1000 m. Water masses at both sites are sourced primarily from the Comparison between temperature records from the EEP and high-latitude records of global change during the last deglaciation. Ice core records from Greenland (top, GISP2) and Antarctica (bottom, EPICA Dome C) document the temperature evolution in the Northern and Southern Hemispheres, respectively [Grootes et al., 1993; Jouzel et al., 2007] . The subsurface temperature record from 1000 m appears to have SH timing for deglacial warming. At 600 m, we do not observe a deglacial warming trend, which is likely explained by a mean shoaling of the SAMW/AAIW boundary to at least 600 m during SH warm events. At the sea surface, warming is delayed until 14.7 ka.
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Southern Ocean where southward shifts in Southern Ocean frontal boundaries, in addition to rising atmospheric temperatures over the Southern Ocean, were likely responsible for the early warming signal in these water masses [e.g., Denton et al., 2010] . At the onset of the deglaciation, SSTs in the circum-Antarctic region warmed in phase with glacier recession in the southern midlatitudes and southward displacement of the southern westerly winds (SWWs) to at least the northern boundary of the SAMW formation region [Lamy et al., 2007; Caniupán et al., 2011; Ho et al., 2012; Barker et al., 2009; Putnam et al., 2013] . SST records from the SAMW and AAIW water mass source regions rise shortly after 19 ka, in phase with Antarctica and each other [Lamy et al., 2007; Caniupán et al., 2011; Ho et al., 2012; Barker et al., 2009] . We therefore suggest that SAMW and AAIW warmed synchronously and the delay recorded at 600 m is either a statistical fallacy or results from a change in water mass contributions from southern (SAMW, AAIW), northern (North Pacific Intermediate Water (NPIW)), and/or subtropical waters (STMW) at the core site, with the subtropical and Northern Hemisphere sourced waters warming later than those sourced from the southern high latitudes.
Timing of the initial decrease in benthic δ
18
O depends on a combination of factors, including global ice volume as well as the in situ temperature and salinity properties of seawater. Therefore, the bottom-up timing likely reflects a depth dependence in (1) [Fairbanks et al., 2005] we still observe the earliest response at depth, with temperatures at 1000 m (EqPIW/AAIW) mirroring those over Antarctica ( Figure 5 ). Sea surface temperature records from SAMW and AAIW formation zones exhibit similar temperature histories to that of EqPIW in the EEP [Lamy et al., 2007; Caniupán et al., 2011; Ho et al., 2012] . The synchronous timing between Antarctic air recorded in European Project for Ice Coring in Antarctica (EPICA) Dome C ice core and surface ocean temperatures throughout the Southern Ocean suggest that SST changed rapidly and in phase with temperatures over the continent ( Figure 5 ) [Jouzel et al., 2007; Lamy et al., 2007; Caniupán et al., 2011; Ho et al., 2012] .
Warming at the EEP surface is delayed until 15 ka, approximately 3 kyr later than subsurface intermediate waters ( Figure 5 ). This vertical pattern of deglacial warming resembles the latitudinal one shown by Shakun et al. [2012] where Antarctic temperatures exhibit a 2 kyr lead over the global average. The 3 kyr delay in EEP surface warming, as recorded by alkenones, is thus supported by the upward (or south to north) propagating signature of deglaciation and demonstrates that EEP SSTs were not sensitive to the early rise in Southern Hemisphere (SH) temperatures or atmospheric CO 2 at the start of the deglacial. This delay could be the result of a zonal adjustment of SST across the Pacific Basin and/or increased upwelling of cool waters from beneath the thermocline in the EEP.
Delayed warming at the surface is consistent with previous alkenone SST reconstructions from the region [Kienast et al., 2006; Koutavas and Sachs, 2008] but in opposition to Mg/Ca-based reconstructions of SST, which are synchronous with Antarctic air temperatures [Lea et al., 2000; Pena et al., 2008] . The disagreement may be the result of differences in the depth habitat or seasonality of alkenone producers and planktonic foraminifera [Shaari et al., 2014; Timmermann et al., 2014] . Here we interpret EEP alkenone U K' 37 measurements as a recorder of mean annual sea surface temperatures along the northern Peru Margin (see more detailed discussions in Kienast et al. [2012] and Timmermann et al. [2014] in support of this interpretation). Coupled alkenone SST and Mg/Ca records over the last 16 kyr from site M772-059, just a few kilometers from our core location, corroborate this interpretation [Nurnberg et al., 2015] . Absolute temperature estimates and the amplitude of SST change reconstructed by shell Mg/Ca and by alkenones are essentially identical during the deglaciation [Nurnberg et al., 2015] . Furthermore, the progression of rising temperatures toward the surface as recorded by our δ 18 O depth series provides independent support for the lag in SST inferred from alkenone paleothermometry (Figure 4 ).
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An important consequence of a delay in surface warming relative to the subsurface is a decrease in the thermal gradient across the upper water column during the glacial termination and, thus, assuming constant salinity, a decrease in density stratification between surface and intermediate water masses. However, given the inherent uncertainties in our temperature proxies outlined above, we assess a change in stratification over the top 1000 m of the water column in temperature, δ
18
O, and δ
13
C space (Figure 6 ). Because these records provide similar stratification histories for the EEP (Figures S1 and 6), we normalized all records to a late Holocene value and calculated an average offset between the surface and intermediate water records to produce one index for the strength of stratification (Figure 7) . Two previously published planktonic stable isotope records measured on Globigerinoides sacculifer from cores V19-28 (2°22′S, 84°39′W) and V21-30 (1°13′S, 89°41′W) are used to represent surface δ
18
O and δ
13
C values [Koutavas and Lynch-Stieglitz, 2003 ].
The stratification gradient anomaly plotted in Figure 7 represents the average of the temperature, δ 18 O, and δ 13 C gradient anomaly calculations. Each of the three gradient anomaly calculations can be viewed separately in Figure 6 . Values of the stratification gradient anomaly greater than 0 represent times when stratification between surface and intermediate waters was stronger than the late Holocene, while values less than 0 are characterized by lower upper water column stratification. Stratification indices based on our temperature (alkenone SST record and foraminiferal δ 18 O derived temperature calculations) and stable oxygen and carbon isotope records (planktonic records from Koutavas and Lynch-Stieglitz [2003] and our benthic isotope records) all indicate that stratification was strongest at the end of the last glacial period, decreased rapidly at the onset of Heinrich Stadial 1 (HS1) and the Younger Dryas (YD), and increased toward present day (Figures 6 and 7 ; see also Figure S1 in the supporting information).
These records support a latitudinal response by water mass to deglacial warming, with Southern Ocean intermediate and mode waters responding first. The physiochemical properties of Southern Ocean intermediate waters (SOIWs) in the EEP were in phase with temperatures in the SE Pacific and over Antarctica; this suggests the heat content of intermediate waters responded rapidly to atmospheric temperatures surrounding the Antarctic continent and transported anomalies rapidly to the EEP subsurface. Any deglacial trends in the EEP upper water column driven by changing local air-sea interactions were thus overwhelmed by variability in the transport and/or physiochemical properties of the SOIWs as demonstrated by the delay in surface warming. We therefore suggest that during the last glacial termination, a period of rapid change in the global radiation balance, remotely forced "bottom-up" rather than local "top-down" forcing drove oceanographic change in the EEP cold tongue. Pena et al., 2013] . The benthic isotope records presented here from 370 m, 600 m, and 1000 m, sites that straddle the boundary between SAMW and EqPIW/AAIW, provide a rare opportunity to directly Figure 7 . Measures of stratification in (a) the EEP, (d) the northwest Tasman Sea, southwest Pacific [Bostock et al., 2004] , and (e) the southeast Pacific [Siani et al., 2013] . (b) Surface ocean Δp CO2 at ODP site 1238 in the EEP [Martinez-Boti et al., 2015] . (c) Coccolithophore productivity inferred from alkenone abundances (C 37 total) at sites CDH 23 and CDH 26 along the northern Peru Margin (this study).
(f) Atmospheric δ 13 C record from Antarctic ice cores [Schmitt et al., 2012] . (f) Atmospheric CO 2 concentrations from Epica Dome C [Lourantou et al., 2010] and the West Antarctic Ice Sheet Divide core [Marcott et al., 2014] . Stratification in the EEP decreased at the onset of the last glacial termination, 18 ka, synchronous with oceanic CO 2 outgassing to the atmosphere in the EEP [Martinez-Boti et al., 2015] , increasing coccolithophore productivity along the Peru Margin (this study) and rising atmospheric CO 2 levels [Lourantou et al., 2010; Marcott et al., 2014] . Periods of reduced stratification at all Pacific sites are synchronous with each other, which suggests that reduced stratification created a pathway for isotopically light carbon to escape from the deep ocean to the atmosphere during HS1 and the YD. (Figure 4) . We suggest that these periods of isotopic convergence across intermediate depths in the EEP reflect a shoaling of the SAMW/AAIW boundary from its modern-day position at~600 m to at least 370 m depth, with numerous centennial-scale shifts. At these times AAIW (or at the very least a more AAIW-like water mass) bathed all core sites, which contributed to a decrease in density stratification between 370 and 1000 m depth.
The modern boundary between SAMW and AAIW lies at approximately 600 m but may shift in response to climatic changes in their source regions. Physical models show that southward displacement of the westerly winds force deepening and thickening of the thermocline, the depth interval containing SAMW and AAIW, in the Southern Hemisphere, Russell et al., 2006; Downes et al., 2011; Hain et al., 2014] . During the YD and HS1, reduced SH pole to equator temperature gradients likely forced southward migration of the SWWs, increasing upwelling in the Drake Passage, forcing stronger Ekman upwelling, and increasing formation of Antarctic Surface Water (AASW) that feeds AAIW production [Oke and England, 2004; Toggweiler et al., 2006; Russell et al., 2006; Downes et al., 2011] . Radiocarbon, stable isotope, and carbonate ion concentrations from the Southern Ocean support a downward displacement of the AAIW lower boundary during the deglaciation, consistent with model results for a thickening of the AAIW layer [Pahnke and Zahn, 2005; Allen et al., 2015] .
Benthic foraminiferal carbon isotope records from our core sites provide evidence for enhanced AAIW contributions to the EEP subsurface during HS1 and the YD, consistent with a thickening of the thermocline layer as observed further south. Today, the δ 13 C content of AAIW in the EEP subsurface is determined by multiple factors, including the carbon chemistry of upwelled Circumpolar Deep Water (CDW), air-sea exchange in the subantarctic zone, and local rates of primary production. During the deglaciation, enhanced upwelling of light δ 13 C in CDW and transport of this signal to the EEP thermocline via SOIWs was the primary cause of the deglacial carbon isotope minimum events [Spero and Lea, 2002; Martinez-Boti et al., 2015] . Our records corroborate this assertion. Although overprinting by respiratory CO 2 is a concern, alkenone abundances (C 37 total), a proxy for the rain rate of organic matter, does not show contemporary maxima with carbon isotope minima. In fact, inferred rates of surface primary production reach a broad minimum during the deglaciation at our core site ( Figure S2) . Furthermore, the timing of carbon isotope minima in the δ 13 C records from the Peru Margin are consistent with that observed in the Pacific sector of the Southern Ocean [Ninnemann and Charles, 1997] , the influx of δ 13 C depleted SOIW to the EEP thermocline [Spero and Lea, 2002] , and resurgence of Upper Circumpolar Deep Water (UCDW) upwelling in the Southern Ocean (Figure 4b ) [e.g., Anderson et al., 2009] and suggest that advection of isotopically light DIC from the Southern Ocean was the primary driver of carbon isotopic change over the past 25 kyr.
Our data further suggest that AAIW shoaled in the EEP water column during HS1 and the YD. Strengthened upwelling, rising atmospheric temperatures, and enhanced freshwater inputs to the AAIW source region may be responsible for the observed vertical shifts in EEP subsurface water masses during these intervals [Mashiotta et al., 1999; Moreno et al., 2012] . Of these factors, surface salinity values in the Southern Ocean are the least well-constrained. Today, the freshwater balance over the Southern Ocean is regulated primarily by the seasonal position of the SWWs, which are the main source of freshwater to the Southern Ocean Moreno et al., 2012] . During the last glacial termination, poleward shifts in the SWWs likely altered the latitudinal distribution of precipitation, with zones of maximum precipitation tracking poleward movement of the SWWs during the YD and HS1 [Lamy et al., 2010; Moreno et al., 2012] .
Sea ice also plays an important role in the fresh water balance over the Southern Ocean. During the deglaciation, sea ice retreat began in phase with SH warm events and was amplified by poleward shifts in the position of the SWWs and the subsequent breakup of sea ice via northeastward Ekman transport [Gersonde et al., 2005; Levermann et al., 2007] . Without sea ice capping its surface, AASWs began to directly exchange heat and fresh water with the atmosphere, which led to greater interaction between the regional hydrologic cycle and the surface ocean and thus enhanced fresh water inputs to AASWs and eventually SOIWs [Keeling and Stephens, 2001] . Consequently, during HS1 and the YD, net precipitation to the surface ocean in addition to melting sea ice led to a net increase in the freshwater inputs to the surface ocean and positive buoyancy forcing for AAIW and SAMW [Keeling and Stephens, 2001] . Increased freshwater inputs likely contributed to greater AAIW buoyancy at these times forcing AAIW, and therefore EqPIW, to shoal within the water column. Thus, some of the observed isotopic depletion observed in our records during the YD and HS1 likely records freshening as well as warming of intermediate water masses. Records of seawater δ
18
O from the Pacific sector of the Southern Ocean, however, indicate minimal influence from local hydrologic conditions [Mashiotta et al., 1999] . Regardless, even if freshening did have a significant effect on δ
O values at our site, the interpretation is the same: subsurface density stratification was weak throughout the deglaciation, with pronounced minima during the YD and HS1. 6.2.2. EEP Destratification Events and the Global Carbon Cycle Stratification across the upper water column was reduced during the last deglaciation relative to the end of the last glacial and late Holocene but reached minimum observed values during HS1 and the YD (Figure 7 ). At these times, the δ 18 O, δ 13 C, and temperature gradients across the upper water column decreased by approximately 10% relative to glacial conditions. Although a 10% reduction is not enough for AAIW or even SAMW to mix completely with surface waters, such a reduction in the upper ocean density gradient must have allowed for more vertical mixing and therefore greater penetration of subsurface mode and intermediate waters to the surface mixed layer. This notion is corroborated by a recent study : Nurnberg et al. [2015] demonstrate that temperature gradients were reduced between the sea surface and~200 m (±~100 m), a key depth interval not sampled by our cores, during the deglaciation relative to the Holocene at a site within a few kilometers of sites CDH 23 and CDH 26, presented here. In addition, three proxy records of surface ocean conditions-the alkenone C 37 total, planktonic foraminiferal δ 13 C values, and alkenone SSTs-support an increase in communication between intermediate and surface waters during these millennial events.
Productivity in the EEP depends primarily on the supply of cold, nutrient-rich intermediate waters from beneath the thermocline and iron limitations [Sarmiento et al., 2004; Pennington et al., 2006] . Therefore, greater productivity suggests enhanced nutrient delivery from the subsurface to the surface, either via stronger vertical mixing or higher nutrient concentrations in the upwelled water. During the deglaciation, productivity, as inferred from our alkenone C 37 total record of coccolithophorid productivity, was lower than during the glacial and Holocene at our site, but we find evidence for small increases in primary productivity during both HS1 and the YD (Figure 6 ). We observe local maxima in coccolithophore (C 37 alkenone) ( Figure 7 ) and diatom (brassicasterol) [Calvo et al., 2011; Pena et al., 2013] productivity in addition to planktonic isotope minima [Spero and Lea, 2002] ; all three are independent indicators of enhanced primary production and greater nutrient delivery to the surface ocean. Reductions in the vertical density gradient over the upper water column observed during these intervals suggest that strengthened vertical mixing was responsible for the small increases in surface primary production. During these intervals SOIWs composed as much as 25% of EUC water, roughly a 20% increase from the Holocene and present-day average [Pena et al., 2013] . Finally, greater penetration of cool intermediate waters to the sea surface could help explain how SSTs remained cool despite rising atmospheric CO 2 concentrations.
Reduced upper ocean stratification during the YD and HS1 was not limited to the EEP but is also observed in the southwest and southeast Pacific ( Figure 6 ) [Bostock et al., 2004; Siani et al., 2013] . The analogous timing and nature of the transition from strong glacial stratification to weak deglacial stratification in all records is consistent with a change in upper water column stratification forced by the same mechanism at each site: an early response of subsurface intermediate waters to SH climate at the end of the last ice age [Bostock et al., 2004; Pena et al., 2013; Siani et al., 2013] . Together these records suggest a South Pacific-wide decrease in water column density stratification during HS1 and the YD.
Given the vastness of the South Pacific, these destratification events may be responsible for ventilating large amounts of CO 2 from a deep Southern Ocean reservoir [Ninnemann and Charles, 2002; Lourantou et al., 2010] . Ice core records from Antarctica show a two-step increase in atmospheric CO 2 during the YD and HS1, in phase with periods of decreased stratification in the EEP and the South Pacific (Figure 7 ) [Lourantou et al., 2010;  Paleoceanography 10.1002/2015PA002816 Marcott et al., 2014] . These findings are consistent with a rapid decrease in stratification in the Southern Ocean, enhanced upwelling of carbon-rich UCDW, and degassing of isotopically light remineralized organic carbon to the atmosphere. A south Pacific-wide "carbon window", however, requires that upwelled UCDW was resubducted as SOIWs faster than the air-sea carbon equilibration time or became entrained into SAMW and/or AAIW before it reached the surface [Holte et al., 2012 [Holte et al., , 2013 . This notion is corroborated by marine radiocarbon evidence from the southwestern Pacific Ocean, which showed that-at least at the onset of HS1-upwelled carbon-rich UCDW did not fully equilibrate with the atmosphere for at least 1000 years [Rose et al., 2010] . Instead, the nonequilibrated CO 2 was likely resubducted or entrained in AAIW and released to the atmosphere somewhere along the flow path between the Southern Ocean and the EEP; decreased density gradients over the South Pacific upper water column allowed the resequestered CO 2 to mix upward, resurface, and exchange with the atmosphere.
Boron isotopes provide direct evidence for CO 2 outgassing far afield from the Southern Ocean in the subAntarctic Atlantic and at least three sites across the equatorial Pacific, including the EEP [Palmer and Pearson, 2003; Douville et al., 2010; Kubota et al., 2014; Martinez-Boti et al., 2015] . At site ODP 1238,~300 km northwest of our site, Martinez-Boti et al. [2015] record CO 2 outgassing synchronous with periods of reduced upper ocean stratification. Although correlation does not imply causation, the remarkable similarity between records suggests reduced stratification-enhanced delivery of CO 2 -rich subsurface waters to the surface mixed layer, providing a pathway for oceanic carbon to the atmosphere (Figure 7) . Finally, radiocarbon and δ 13 C depleted benthic and planktonic foraminifera from the Galapagos platform and the Peru Margin during HS1 and the YD provide further support for an inflow of carbon-rich intermediate waters to the EEP [Spero and Lea, 2002; Stott et al., 2009; Bova et al., manuscript in preparation, 2015] .
Summary and Conclusions
Benthic foraminiferal isotope and temperature records recovered from three intermediate water depths in the EEP provide evidence for large changes in upper water column structure during the deglaciation forced by climate change over the Southern Ocean (Figure 8) . Rising temperatures over Antarctica led to poleward shifts in the westerly wind belt that together altered the buoyancy and water mass boundaries of southern ocean intermediate waters. SOIWs responded first, synchronous with atmospheric temperatures over the Antarctic continent, and transported the early SH deglacial warming response along its flow path to the base of the equatorial thermocline and the EEP. Surface warming in the EEP was delayed by 3 kyr, while records from the shallow subsurface at 600 m document an averaged time response of the two, 1 kyr after Antarctica.
The observed upward propagation in our benthic δ 18 O and temperature records does not favor the tropical surface ocean as an early responder and promoter of deglaciation. Instead, the EEP surface ocean was likely a passive responder to subsurface change driven from the bottom to the top by the southern high latitudes. During SH warm events (YD/HS1), the early warming response of AAIW drove rapid reductions in vertical temperature and salinity gradients in the EEP upper water column, which led to reduced stratification, shoaling of water mass boundaries, and enhanced vertical mixing. Thus, despite rising atmospheric CO 2 concentrations, greater penetration of cool subsurface waters to the sea surface during these events helped maintain a strong cold tongue.
Reduced upper ocean stratification during the YD and HS1 was not limited to the EEP but is also observed in records from the southwest and the southeast Pacific [Bostock et al., 2004; Siani et al., 2013] . Comparable timing and structure of these records suggest that an early rise in SOIW heat content, synchronous with SH temperatures, drove change in upper water column density gradients across the entire south Pacific [Bostock et al., 2004; Siani et al., 2013] . These gyre-wide destratification events are in phase with rising atmospheric CO 2 concentrations and increasingly depleted atmospheric carbon isotope signatures [Monnin et al., 2001; Lourantou et al., 2010] . We suggest that a decrease in stratification across the upper water column led to enhanced vertical mixing, which provided a pathway for carbon-rich intermediate waters to invade surface waters and exchange with the atmosphere during the YD and HS1.
The response of intermediate and mode waters to rapid global warming during the last deglaciation may provide a good basis for predicting their response to modern climate change. Both periods of rapid global warming are associated with shifts in the position and strength of the southern westerly winds. Today, movement of the SWWs is associated with the polarity state of the Southern Annular Mode, which has shifted in response to ozone depletion and warming global temperatures over the last few decades. These shifts had significant effects on intermediate water formation rates and properties, perhaps comparable to those observed in the past [Naveira-Garabato et al., 2009; Thompson et al., 2011; Schmidtko and Johnson, 2012] ; since 1925 AAIW core densities decreased resulting in an overall shoaling of the water mass by 30-50 dbar decade
À1
, with the largest shifts occurring toward the southernmost extent of AAIW [Schmidtko and Johnson, 2012] . These rates of warming within AAIW are unprecedented in the historical record [Schmidtko and Johnson, 2012] . Based on our observations from the deglaciation, we therefore predict reduced stratification and enhanced vertical mixing to occur, with the potential to alter the accumulation rate of carbon in SOIWs, key sinks for anthropogenic carbon today [Sabine et al., 2004; Schmidtko and Johnson, 2012] .
